Abstract. We explore the effects of a changing terrestrial biosphere on the atmospheric residence time of CO2 using three simple ocean carbon cycle models and a model of global terrestrial carbon cycling. We find differences in model behavior associated with the assumption of an active terrestrial biosphere (forest regrowth) and significant differences if we assme a donordependent flux from the atmosphere to the terrestrial component (e.g., a hypothetical terrestrial fertilization flux). To avoid numerical difficulties associated with treating the atmospheric CO2 decay (relaxation) curve as being well approximated by a weighted sum of exponential functions, we define the single half-life as the time it takes for a model atmosphere to relax from its present-day value half way to its equilibrium pCO2 value. This scenario-based approach also avoids the use of unit pulse (Dirac Delta) functions which can prove troublesome or unrealistic in the context of a terrestrial fertilization assumption. We also discuss some of the numerical problems associated with a conventional lifetime calculation which is based on an exponential model. We connect our analysis of the residence time of CO2 and the concept of single half-life to the residence time calculations which are based on using weighted sums of exponentials. We note that the single half-life concept focuses upon the early decline of CO2 under a cutoff/decay scenario. If one assumes a terrestrial biosphere with a fertilization flux, then our best estimate is that the single half-life for excess CO2 lies within the range of 19 to 49 years, with a reasonable average being 31 years. If we assume only regrowth, then the average value for the single halflife for excess CO2 increases to 72 years, and if we remove the terrestrial component completely, then it increases further to 92 years.
Introduction
Since ancient times humans have modified natural systems, but only since the beginning of the industrial revolution has human activity significantly altered biogeochemical cycling at the planetary scale. The magnitude of human disturbance to the biogeochemical cycles may now be approaching a critical level; the values of important state variables, such as the concentration of atmospheric CO:, are moving into a range unprecedented during the past one million years. The pool of carbon in the atmosphere (in the form of CO:) increased from about 590 to almost 755 Pg C (1 Pg C = lx10 •5 g C = 1 billion metric tons C) during the 225 years between 1765 and 1991 as a result of fossil fuel burning and forest clearing. The annual rate of increase is currently about 2 ppm(V) per year (equivalent to roughly 0.6% per year). We have a direct record of this increase since 1958 [Keeling, 1986] and a number of indirect records (from ice cores) of the increase over the past two centuries, which show that the concentration of CO9. has increased by more than 25% (e.g., Neftel etal., 1985; Raynaud and Barnola, I985; Friedli et al., 1986; Siegenthaler and Oeschger, 1987] since the mid-1700s (Figure 1) . Moreover, from the ice core records we know that the concentration of carbon dioxide was relatively constant from the beginning of the present interglacial period (-10,000 B.P.) to the onset of increases in the 18th century [Siegenthaler, 1989] .
The primary human activities contributing to this change are fossil fuel combustion and modifications of global vegetation through land use (e.g., biomass burning and conversion to agriCopyright 1994 by the American Geophysical Union.
Paper number 93GB03392. The increase in the atmospheric CO2 concentrations (as well as other radiatively active trace gases) due to human activity has produced serious concern regarding the heat balance of the global atmosphere. Specifically, the increasing concentrations of these gases will lead to an intensification of Earth's natural greenhouse effect [Shine et al. 1990; Watson etal., 1990; lsaksen et al., 1992] . Shifting this balance will force the global climate system in ways which are not well understood, given the complex interactions and feedbacks involved, but there is a general consensus that global patterns of temperature and precipitation will change, though the magnitude, distribution and timing of these changes are far from certain. The results of general circulation models indicate that globally averaged surface temperatures could increase by as much as 1.5ø-4.5 ø C [e.g., Mitchell eta/., 1990; Gates et al.,
•992] in a world with an atmospheric concentration of CO 2 twice that of the preindustrial period (i.e., a world where the concentration would be roughly 550-580 ppm).
The uncertainty of future climate change does not rest solely on issues of physical-climate system dynamics and their representation in general circulation models. Understanding' the carbon cycle (Figure 3) Uncertainty also centers on the role of terrestrial ecosystems, in which at least two factors govern the level of carbon storage. First, and most obvious, is the anthropogenic alteration of the Earth's surface, such as through the conversion of forest to agriculture, which can result in a net release of CO 2 to the atmosphere. Second, and more subtle, are the possible changes in net ecosystem production (and hence carbon storage) resulting from changes in atmospheric CO 2, other global biogeochemical cycles, and/or the physical-climate systerh. Ultimately, to address adequately such changes will require a much clearer understanding of the nitrogen and phosphorus cycles, since they are the limiting nutrients in most terrestrial ecosystems, but our knowledge of the way these biogeochemical cycles relate to the carbon cycle compares poorly with our general understanding of the individual cy- The lifetime of a trace atmospheric constituent may be thought of as the amount of time required for some significant portion of an excess quantity of the gas to be removed chemically or to be redistributed to another part of the Earth system. The uncertainty in the distribution of sources and sinks for carbon dioxide (and for other greenhouse gases such as methane) makes a determination of atmospheric lifetime difficult and ambiguous. Unfortunately, the lifetime for CO2 (as well as for the other radiatively important gases) is important to know and particularly We will show that calculating integral (2) presents two types 
Simple Global Carbon Cycle Model
From the most elementary viewpoint, and focusing solely upon CO 2, the global carbon cycle can be treated as a one box atmosphere linked to a submodel of terrestrial carbon dynamics and to an ocean carbon submodel. This is precisely the representation we employ in our experiments.
The Ocean Carbon Submodels
The net exchange of carbon between the atmosphere and the oceans is determined to a great extent by the carbonate chemistry of the upper mixed layer, the convective transport of dissolved carbon in the water, the diffusion of carbon dioxide across the air-sea boundary, and the sinking of detrital carbon originating from the biological production of marine organisms [Bolin, 1981; Broecker and Peng, 1982; Moore, 1985; Sarmiento, 1991) . All of these processes govern the exchange of carbon dioxide between the sea surface and the atmosphere, and all have been represented in models to varying extents; however, all do not play an essential or the same role in the perturbation problem posed by the increase in carbon dioxide (Broecker, 1991; Sarmiento, 1991) .
We investigate the effect of using different (simple) representations of ocean carbon dynamics on the atmospheric concentration of CO 2 using three atmosphere-ocean box models, either standing alone or in a global carbon model which includes a terrestrial component. The three models have much in common: They are all diagnostic rather than prognostic; each uses carbon-14 in the parameterization process (in fact, carbon-14 is the basic clock for all of the models and hence controls much of their response); each includes ocean carbon chemistry (buffer or Revelle factor); and they all include some form of ocean mixing. There are, however, some major differences. Ocean biology is explicitly included in only one (12B); whereas it is simply incorporated into the parameterization of the diffusive process in both the BD and OC models. As far as transport is concerned, in the box-diffusion and out- biosphere to the atmosphere, the discrepancy between model and data in Figure 8 has given rise to the notion of a "missing carbon sink." This is part of the motivation for considering the terrestrial component.
The Terrestrial Carbon Submodel
The net exchange of carbon between terrestrial vegetation and the atmosphere may be considered to be the sum of three fluxes: gross photosynthesis, autotrophic plant respiration, and heterotrophic ( drate formation, which is generally not balanced by increased nitrogen uptake). Consequently, there is the possibility that higher CO 2 levels may lead to an increase in net primary production and perhaps net ecosystem production (carbon storage).
The possible existence of a fertilization effect, the rapid response of the land biota-soil system, and the fact that one of the major fluxes to the atmosphere (FB) is actually due to alteration of the terrestrial biosphere make it appropriate to include terrestrial dynamics in our attempt to address the issue of the lifetime of excess atmospheric CO2. Emanuel eta/. [ 1984] has developed a highly aggregated model of global carbon cycling which is similar in scope to the three simple ocean models presented in the previous section. This model (Figure 9 ) is composed of a set of eight coupled differential equations (Table 1 contains We remark that given a clearing and abandonment time series, the interplay of these dynamics determines the flux F B. We also note that the structure of the model allows an easy modification to be made to include a fertilization effect, which we later discuss in detail.
Returning to the global carbon cycle, our basic approach is to modify Emanuel's global carbon cycle model in two ways. 
where Rs is caused by some unspecified, hypothetical biological mechanism (e.g., the 'fertilization factor'), Rm results from inaccuracies in the models, Rm results from uncertainty in the pCO 2 data, and Res is due to uncertainty in the Frt r and F s data. We will not attempt to characterize the latter three, so let R e = R m + Rex +
Res. The expression then becomes: R = R s + R e (4)
Thus the residual has been reduced to two terms: error associated with some ignored physiological or ecological process and error associated with uncertainties in information (data or model).
Further, we will make the following two assumptions: Re<<Rs, and the residual Rsmay be associated with an increment Frin the net flux of carbon from the atmosphere to the terrestrial biota:
F r = pr'Fnpp
In order to compute the missing flux F v we specify that the rate of change of the atmospheric pCO 2 that is produced by the models is equivalent to the measured rate of change (i.e., R=0) and is given by where (compare Table 1 • F, Figure 10 shows the deconvolved missing flux F r for the ocean-atmosphere models and Figure 11 shows the graph of F r/Fnp p versus C/C i with the fitted curve for the logistic parameterization of Pt using the E-12B model. We now have the following tools needed for our investigation: three ocean-atmosphere models, the corresponding ocean-terrestrialatmosphere models, an estimate of the evolution of the terrestrial component as a result of land use, and a set of parameterizations for dealing with a hypothetical biotic response to increasing pCO2.
Single Half-Life
Before investigating the response of these simple coupled carbon cycle models, we clarify our concerns about calculating at-(5) toospheric residence time of CO2 and suggest a simple interim index for model comparisons. The e-folding time is really just a mathematical way of saying when a decaying exponential curve will fall to 1/e of its original value. The conventional determina-(6) tion of lifetime (Tres; compare sections 1 and 6) is conceptually not much more substantive, and its calculation may present a number of difficulties which reduce its utility. Thus we introduce a simple indicator of atmospheric residence time, the single halflife (Tu2), which is the time required for the model atmosphere to relax from its present value (or some future value, though this would alter T•/2) to half way to its new equilibrium value. This, of course, implies that we will not deal with the pulse response of (7) the models, but with a more scenario-based approach which allows the models to respond to the historical inputs (e.g., Fm and (8) Fn; see 597 Pg respectively, simple algebra yields an equilibrium partial pressure at 326 ppm. This number, which we use simply as a reference point, is the theoretical asymptote for the atmospheric CO 2 decay curves ci(t ). If we terminate the forcing at a present value (e.g., to = 354 ppm), Tu2 is defined to be the first year after cutoff at which c(t) < 326 ppm. We note that small differences could be obtained by varying the Revelle value, by using the more complete mathematical description of the carbonate-borate chemical system [e.g., Bolin et al., 1979; Bolin, 1981) , or by assuming different concentrations of dissolved inorganic carbon.
Results Using Single Half-Life
In this section we explore the response of the global carbon cycle models (E-BD, E-OC, and E-12B) when the inputs (FFe and FB) are reduced instantaneously to zero under two separate conditions: when we allow Fr to operate for all t and when there is no Fr. We compare these results to a similar calculation of single half-lives involving only the three ocean-atmosphere systems (BD, OC, 12B). Finally, to connect to the results reported by Intergovernmental Panel on Climate Change [Watson et al., 1990] , we compute in a subsequent section the classical lifetimes of CO 2 using the three ocean-atmosphere models as well as when the terrestrial sink is included. Tables 2 and 3 show the T•/2 values calculated using the atmosphere-ocean models (12B, B D, and OC) standing alone (Table  2) , using the coupled terrestrial models (E-12B, E-BD, and E-OC; the latter two, again, with two parameterizations for the ocean submodels) with regrowth alone assumed (Table 3, row 1) and assuming both regrowth and fertilization, which is described with the three different schemes discussed in section 3 (Table 3, (Table 3 , rows 2-4). In part, this is simply the addition of a sink, as was the case in including forest regrowth; however, there is a further compensating factor that the sink strength is not Uniform. Namely, the model oceans which are more efficient at taking up excess CO 2 require a smaller F• flux to match the pCO 2 record, and vice versa. This is also reflected in the regression coefficients for the OC models (see Table 4 ); F r is close enough to zero that random fluctuations in the residual nearly overwhelm the assumed logarithmic trend.
Plots of the relaxation curves associated with the ocean-atmosphere results (Table 2) Measurements are in years. Notation for the ocean models is the same as in Table 2 . a No fertilization flux in this experiment. Notation for the ocean models is the same as in Table 2 . 
where 'c is the decay constant (e-folding) time for the material.
There is an immediate consequence of using this simple expression. Namely, the concentration c(t) goes rapidly to zero as t goes to infinity and the integral in (2) Missing values indicate poor fit (X e > 0.1).
period where the change (or the derivative) in the simulated atmospheric concentration is near zero, the greater the necessity that the fitting term must contain exponentials that are as flat as possible (i.e., very large x's). For the purposes of comparison we used Nw values of 50, 100, 200, 500, and 1000 years (Table 5 ). In general, increasing the interval (for a given model, and leaving 'r. max fixed) leads to an increase in the value of. Tres or a failure of the fitting routine since the larger interval includes more of the curve that is relatively fiat. This sensitivity is why the choice of a reasonable value for Nw is important. Unfortunately there is no clear guideline. Moreover, this sensitivity to Nw is also connected with the sensitivity of Tre s to the assumed Xma x.
To the extent that c(t) approaches 0 for t --> N•, then the least squares routine will attempt to return very high x i values (because the function is not decaying rapidly). Consequently, one needs to place a size constraint on the x's (i.e., 'r. max). Unfortunately, for a given window (N•) the calculated residence time is strongly dependent on this constraint (Table 5) . This is partly a numerical artifact of the over-determined inversion process, in which minimizing error can lead to instabilities (for example, see the X 2 values in Table 6 ). In an attempt to connect these results with the earlier single half-life calculations we perform the same experiment with the scenario-based relaxation of the BD and the E-BD models, with terrestrial biosphere and no fertilization and with a CO2-fertilized terrestrial biosphere (Table 7) . We find the same problems associated with the calculation of Try. Often the combinations that clearly reduce CO 2 concentration the fastest, such as including fertilization, have longer lifetimes. There was a similar counterintuitive result mentioned when discussing the results of the atmosphere-ocean systems (Table 5) ; the most efficient ocean model -.. Missing values indicate poor fit (X '2 > 0.1).
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Conclusions
It is necessary for policy applications to have a consistent method for estimating the relative contributions of the anthropogenic, radiatively active trace gases to potential climate change. The GWP is one method, but we have shown in section 6 that the estimation of the integral in the denominator of the GWP formula (1) is ambiguous. As an interim step, we have introduced a simple indicator of the Earth system's ability to remove excess atmospheric CO 2, the single half-life (T•/2). This indicator is free 
